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Abstract 33 

 34 

This study examines how upslope geometry controls aerosol effects on orographic precipitation 35 

through two-dimensional idealized simulations of orographic precipitation from shallow warm 36 

convective clouds over a bell-shaped mountain with 1-km height. A total of nine cases are simulated 37 

by considering three different prescribed aerosol number concentrations and three different 38 

windward-widths of the mountain. For a detailed representation of drop size distributions, the 39 

Weather Research and Forecasting (WRF) model that includes a bin microphysics scheme is used 40 

with a horizontal grid size of 250 m and 401 terrain-following vertical levels. A higher aerosol 41 

number concentration leads to production of more cloud droplets, inhibiting the growth of cloud 42 

droplets into raindrops in the cases with the symmetric mountain (the windward-side half-width a1 43 

= 10 km). As a result, the total and maximum surface precipitation amounts decrease and the 44 

location of the maximum surface precipitation amount shifts downstream. The aerosol effects on 45 

orographic precipitation are more clearly seen in the cases with the narrow windward-width (a1 = 5 46 

km) compared to the cases with the symmetric mountain and the wide windward-width (a1 = 20 km). 47 

In the cases with the narrow windward-width, the steep upslope generates strong convection with a 48 

short advection timescale (~600 s), resulting in more precipitation being concentrated over a narrow 49 

area of the mountain downslope compared to the cases with the symmetric mountain and the wide 50 

windward-width. On the other hand, in the cases with the wide windward-width, the gentle upslope 51 

generates weak convection with a sufficiently long advection timescale (~2400 s), so that a large 52 
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portion of liquid drops precipitates out on the wide mountain upslope before reaching the peak. 53 

 54 

Keywords aerosol-cloud-precipitation interactions; aerosol number concentration; mountain 55 

upslope geometry; orographic precipitation; bin microphysics 56 

57 
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1. Introduction 58 

Aerosol particles control precipitation characteristics by acting as cloud condensation nuclei 59 

(CCN) or ice nuclei (IN). Rosenfeld (1999) and Andreae et al. (2004) showed that smoke aerosols 60 

from forest fires can inhibit rainfall. Urban pollution also suppresses downstream rainfall and 61 

snowfall (Rosenfeld, 2000). The precipitation-suppressing effect of aerosol particles is reported in 62 

various numerical studies (e.g., Givati and Rosenfeld 2004; Khain et al. 2004; Xie et al. 2013). 63 

These numerical studies show that precipitation is suppressed in an aerosol-rich condition under 64 

which the cloud droplet distribution favors small sized drops. Many observational and numerical 65 

studies have shown that air pollution in mountainous areas, such as the western United States, 66 

inland of Israel, and northern China, also suppresses precipitation (Givati and Rosenfeld 2004; Jirak 67 

and Cotton 2006; Rosenfeld and Givati 2006; Rosenfeld et al. 2007; Guo et al. 2014). 68 

Mountain geometry and environmental factors can affect the convective development of 69 

orographic clouds (Dudis 1972; Durran and Klemp 1982; Hernandez-Duenas et al. 2015). Cannon 70 

et al. (2012, 2014) numerically studied the conditions for generation of complex orographic 71 

convection. Under convection-prone conditions, orographic convection constructs a cellular or a 72 

banded structure (Kirshbaum and Durran 2004, 2005). Well-developed orographic convection is 73 

reported in many observational studies using field campaign data (Smith et al. 2012; Minder et al. 74 

2013; Wang and Kirshbaum 2015) and in many numerical studies using high-resolution models 75 

(Kirshbaum and Smith 2009; Panosetti et al. 2016; Sever and Lin 2017). 76 

Precipitation over mountainous areas has long been a topic of investigation (Barros and 77 
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Lettenmaier 1994; Roe 2005; Houze 2012). Many theoretical methods were designed to 78 

systematically study orographic precipitation (e.g., Smith and Lin 1982; Lin 1986; Smith and 79 

Barstad 2004). It is, however, difficult to make a detailed generalization about the characteristics of 80 

orographic precipitation because orographic precipitation is affected by a complex web of 81 

interrelated factors including microphysical processes, mountain geometry, and background static 82 

stability and wind speed (Chu and Lin 2000; Colle 2004; Sever and Lin 2017; Morales et al. 2018). 83 

Colle (2004), Pathirana et al. (2005), and Roe and Baker (2006) examined the sensitivity of 84 

orographic precipitation to changes in mountain geometry (mountain height and width) and basic 85 

wind speed. These studies assessed the importance of mountain barrier effects and the roles that 86 

mountain waves play in shallow orographic precipitation from a macroscopic viewpoint. The 87 

mountain height and width modify the strength of orographic convection by controlling upslope 88 

steepness. A narrow mountain with a steep upslope sometimes leads to more precipitation on the 89 

leeside of the mountain (Roe and Baker 2006). However, depending on environmental factors, a 90 

wide mountain with a gentle upslope can also result in more precipitation on the leeside of the 91 

mountain (Pathirana et al. 2005). To systematically examine the effects of upslope steepness on 92 

orographic precipitation, asymmetric mountains with different upslope steepnesses but fixed 93 

downslope geometry are considered in this study, focusing on the combined effects of macroscopic 94 

features and microphysical processes in generation and development of orographic precipitation. 95 

Characterizing the effects of aerosol particles on orographic precipitation is a challenge because 96 

there are many different complicating factors involved such as dynamical and microphysical 97 
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processes as well as the influence of mountain geometry and environmental factors. Several studies 98 

have numerically examined aerosol effects on orographic precipitation using bulk microphysics 99 

models and have shown that aerosols reduce the total precipitation amount over mountains 100 

(Creamean et al. 2015; Yang et al. 2016). Nugent et al. (2016) studied aerosol effects on 101 

orographic-convective precipitation with and without the basic wind using an aerosol-aware bulk 102 

microphysics model. To understand more clearly the effects aerosols have on precipitation from 103 

convective orographic clouds, numerical simulations using a bin microphysics model, which 104 

predicts the number concentration of each hydrometeor in each size bin (e.g., Khain et al. 2000; 105 

Lynn et al. 2005a, b), are desirable. Studies using bin microphysics models have provided some 106 

insights into the details about the microphysical processes in orographic precipitation influenced by 107 

aerosols, including the evolution of the size distributions of hydrometeors (Lynn et al. 2007; Xue et 108 

al. 2010; Xiao et al. 2014, 2015). Nevertheless, aerosol effects on orographic precipitation from 109 

cellular or banded convective clouds are still poorly understood. 110 

  Multitudes of bin and bulk microphysics schemes are available for simulating clouds and 111 

precipitation. The detailed representation of microphysical processes in bin microphysics schemes 112 

provides a greater accuracy in model results compared to bulk microphysics schemes. The 113 

downside is that the models equipped with bin microphysics schemes require much more 114 

computational resources. For this reason, few studies have used models with bin microphysics 115 

schemes. Khain et al. (2005) used a bin microphysics model to study aerosol effects on deep 116 

convective precipitation. Bin microphysics models have also been used to study aerosol effects on 117 
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shallow convective precipitation (Wyszogrodzky et al. 2011; Blyth et al. 2013; Grabowski et al. 118 

2015; Lee et al. 2015). Related to the growth speeds of hydrometeors, aerosol effects on orographic 119 

precipitation and how they are affected by various mountain geometries are still poorly understood. 120 

Because of the inherent advantages that bin microphysics schemes have over bulk microphysics 121 

schemes, a bin microphysics scheme is more appropriate for studying this problem than a bulk 122 

microphysics scheme. 123 

In this study, we examine how upslope geometry controls aerosol effects on orographic 124 

precipitation from shallow convective clouds using a bin microphysics model in order to further 125 

increase our understanding of aerosol-cloud-precipitation interactions in mountainous regions. 126 

Section 2 describes the numerical model and the simulation design. The simulation results are 127 

presented and discussed in section 3. A summary and conclusions are given in section 4. 128 

 129 

2. Experimental Design 130 

2.1. Model Description 131 

The numerical model used in this study is the Weather Research and Forecasting (WRF) model, 132 

version 3.6.1, coupled with the bin microphysics scheme of the Hebrew University Cloud Model 133 

(HUCM) (Skamarock et al. 2008; Lee and Baik 2016). The detailed description of HUCM is given 134 

in Khain and Sednev (1996) and Khain et al. (2000, 2004). The WRF-bin model considers 43 135 

mass-doubling bins. Following Khain et al. (2000) and Lee et al. (2014), the initial aerosol size 136 

distribution N(ra) is specified as 137 
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where ra is the aerosol radius, N0 is the aerosol number concentration (here, CCN number 141 

concentration) at 1% supersaturation, and k is a constant (0.8 in this study). A = 2σ/(ρwRvT) is the 142 

coefficient related to the curvature effect, where σ is the surface tension of the liquid drop, ρw is the 143 

density of liquid water, Rv is the gas constant of water vapor, and T is the temperature. B = 144 

iMwρa/(ρwMa) is the coefficient related to the solution effect, where i is the degree of ionic 145 

dissociation, Mw is the molecular weight of water, ρa is the density of the aerosol (solute), and Ma is 146 

the molecular weight of the aerosol. In this study, NaCl is considered as the aerosol material. Note 147 

that the type of aerosol particle only affects the ratio of activated drop number concentration to the 148 

total aerosol number concentration, so it does not alter the qualitative conclusions of this study. The 149 

radius of the largest aerosol is 2 μm. The initial aerosol number concentration is constant up to the 150 

2-km height and then decreases exponentially with height with an e-folding height of 2 km. In the 151 

WRF-bin model, a liquid drop larger (smaller) than r* = 40 μm is categorized as a raindrop (cloud 152 

droplet). 153 

 154 

2.2. Simulation Settings 155 

To examine orographic precipitation, we construct two-dimensional simulations (Fig. 1a). A 156 
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bell-shaped mountain is considered, whose height h is given by 157 

 158 

2
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x a



 (2) 159 

 160 

Here, hm (= 1 km) is the maximum height and a is the half-width of the bell-shaped mountain. The 161 

leeward-width is constant (a = a2 = 10 km for x ≥ 0 km), while the windward-width determined by 162 

a = a1 (for x < 0 km) varies. We classify simulation cases into three groups based on N0. The clean 163 

(CLN), control (CNT), and polluted (PLT) cases correspond to N0 = 100, 500, and 2500 cm–3, 164 

respectively. These CCN number concentrations fall in a range found in real measurements 165 

(Andreae 2009; Benmoshe and Khain 2014; Lee et al. 2014). Based on the windward-width of the 166 

mountain a1, which determines the upslope steepness, each group is subdivided into three cases 167 

(Table 1). The n and the w at the end of each case title indicate the narrow (a1 = 5 km) and wide (a1 168 

= 20 km) windward-width of the mountain, respectively. Here, we use the windward-width of the 169 

mountain rather than the upslope steepness to control the mountain geometry because the 170 

windward-width of the mountain captures in a single parameter both the upslope steepness and the 171 

distance over which cellular convective clouds travel until they reach the mountain peak. In this 172 

study, a uniform background wind speed with U = 10 m s–1 is used. 173 

Thermodynamic sounding data at Osan, South Korea at 00 UTC on 19 September 2012 are used 174 

to simulate orographic precipitation from shallow convective clouds. Figures 1b, 1c, and 1d show 175 

the skew T-log p diagram, relative humidity profile, and equivalent potential temperature and 176 
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dew-point equivalent potential temperature profiles of the sounding data, respectively. Figure 1b 177 

gives the basic information about the thermodynamic structure. The near-surface temperature is 178 

17.8°C, and the near-surface relative humidity is 86%. Orographic clouds are generated at the 179 

lifting condensation level (LCL) of 409 m, which is below the mountain top. The horizontal 180 

location at which h(x) = zLCL is x = xLCL ~ –1.2a1. The level of free convection (LFC) is 1476 m. 181 

Above the equilibrium level (EL) of 2788 m, a strong inversion layer is present, which prevents 182 

convective developments there. The temperature at the EL is 2.2°C, so we consider warm 183 

microphysical processes only. 184 

The horizontal domain size is 1000 km with a grid size of 250 m. The open boundary condition is 185 

applied in the x-direction. The vertical domain size is 15 km, with a 5-km-depth sponge layer 186 

between z = 10 km and 15 km. There are 401 terrain-following levels in the vertical direction. The 187 

WRF-bin model is integrated for 12 h with a time step of 0.6 s. The data save interval is 10 minutes, 188 

which is shorter than the typical timescale of orographic-convective precipitation. The spatial 189 

resolution in this study is appropriate for resolving the active cellular/banded convection associated 190 

with orographic-convective precipitation (Kirshbaum and Durran 2004; Kirshbaum and Smith 191 

2008). Parameterizations of shortwave/longwave radiation, boundary layer, and surface processes 192 

are turned off in the simulations. 193 

 194 

3. Results and Discussion 195 

3.1. General Characteristics of the Simulated Orographic Precipitation 196 
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A comparison of the timescales for orographic precipitation can give us a clue regarding the 197 

relative importance of given orographic-precipitation-related processes (Jiang and Smith 2003). 198 

Miglietta and Rotunno (2009) and Cannon et al. (2012) compared the convection timescale τc with 199 

the advection timescale τa which are defined as 200 

 201 
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 204 

where Hc is the vertical length scale of convection (zEL – zLCL = 2379 m in this study) and CAPE 205 

stands for the convective available potential energy. Note that CAPE (28 J kg–1) is calculated from 206 

the LFC, not from the LCL. In the case with a1 = 10 km and U = 10 m s–1, τc = 450 s and τa = 1200 s. 207 

This means that the orographic clouds generated at the LCL can be fully developed up to the EL 208 

before they reach the top of the mountain (see the green dashed line in Fig. 1b and the vertical 209 

profiles in Fig. 1d). In this case, the condensational heating provides additional energy, and the 210 

updrafts over the upslope associated with mountain waves strengthen the upward motion in the 211 

convective clouds. 212 

Potential instability, or the sign of dθe/dz, determines the type of orographic clouds (stratiform or 213 

convective). Kirshbaum and Durran (2004) showed that convection may not develop even in the 214 

region of negative dθe/dz. They suggested that Nm
2, where Nm is the moist Brunt-Väisälä frequency, 215 

can discriminate the possibility of convective development (unstable when Nm
2 < 0). Both formulas 216 
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introduced by Lalas and Einaudi (1974) and Durran and Klemp (1982) include –dqw/dz (qw = total 217 

water mixing ratio) which acts to reduce Nm
2. As shown in Fig. 1d, dθe/dz is less than –5 K km–1 in 218 

two layers, z = (0.7 km, 1.3 km) and (2.6 km, 3.0 km). Because the relative humidity steeply 219 

decreases in the layer z = (2.6 km, 3.0 km), the development of convection there can be weak or 220 

inhibited even though dθe/dz < 0. This strong stabilizing in the layer z = (2.6 km, 3.0 km) can also 221 

be seen from the dew-point equivalent potential temperature profile (blue dashed) in Fig. 1d. On the 222 

other hand, convective cells can develop in the layer z = (0.7 km, 1.3 km) given the much smaller 223 

relative humidity gradients there. 224 

Cloud droplets in orographic shallow convective clouds grow primarily through 225 

collision/coalescence. Over the mountain upslope, strong orographic uplift and strong convective 226 

updrafts enhance the growth of cloud droplets into large raindrops. Large raindrops with sufficiently 227 

high terminal velocities can fall and reach the surface. A large portion of liquid drops can pass over 228 

the mountain peak by advection, so that surface precipitation can be concentrated on the mountain 229 

downslope. Downdrafts associated with mountain waves help the sedimentation of liquid drops by 230 

accelerating their fall speeds, but they also enhance the evaporation of cloud droplets and small 231 

raindrops. From t ~ 6 h, the overall patterns of the flow and the hydrometeor distributions reach a 232 

quasi-steady state. Hereafter, the snapshots at t = 6 h and the accumulated or averaged variables in 233 

the range t = 6–12 h are mainly used for analysis. 234 

 235 

3.2. Aerosol Effects on Orographic Precipitation 236 
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Figures 2 and 3 show the fields of vertical velocity, cloud water mixing ratio, and rainwater 237 

mixing ratio at t = 1 and 6 h, respectively, in CLN, CNT, and PLT. These figures show that as N0 238 

gets larger, the cloud water mixing ratio gets higher, while the rainwater mixing ratio gets lower. At 239 

t = 1 h, the orographic convective clouds are deeper in PLT than in CLN and CNT because the 240 

condensational heating is stronger in PLT. At t = 6 h, the vertical velocity over the leeside is 241 

strongest in CLN. In PLT, orographic clouds are distributed farther downstream compared to those 242 

in CLN and CNT. 243 

Figure 4 shows the horizontal distributions of surface precipitation amount accumulated from t = 244 

6 to 12 h in CLN, CNT, and PLT. The accumulated surface precipitation amount is distributed more 245 

broadly downstream of the mountain peak in PLT than in CLN and CNT. The total surface 246 

precipitation amount summed over the entire domain Ptot, the local maximum of the 6-h 247 

accumulated surface precipitation amount Pmax, and the location at which Pmax occurs xmax are listed 248 

in Table 2. The total surface precipitation amount decreases as N0 increases. The maximum surface 249 

precipitation amount in CLN is 1.8 and 4.9 times the amounts in CNT and PLT, respectively. 250 

An increase in the CCN number concentration enhances activation into cloud droplets and results 251 

in increased number concentration, decreased average size, and increased total surface area of liquid 252 

drops. Therefore, the growth of cloud droplets into raindrops is reduced (Khain et al. 2004, 2005; 253 

Lynn et al. 2007; Xiao et al. 2014, 2015). As a result, the total surface precipitation amount is 254 

smaller in PLT than in CLN and CNT. In PLT, a large portion of liquid drops are advected 255 

downstream of the mountain peak, and the surface precipitation is distributed more broadly there. In 256 
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CLN, on the other hand, the active growth of cloud drops into raindrops causes a rapid 257 

sedimentation of liquid drops. 258 

Table 3 lists the 6-h averaged condensation and evaporation rates integrated over the mountain 259 

upslope and downslope, each spanning 100 km in the horizontal direction and 3 km in the vertical 260 

direction. The 6-h averaged surface precipitation rates integrated on the mountain upslope and 261 

downslope are also listed. Condensation is more active than evaporation over the mountain upslope, 262 

and evaporation is more active than condensation over the mountain downslope. Concerning the 263 

condensation rate over both mountain upslope and downslope, the differences between PLT and 264 

CNT are greater than those between CNT and CLN. This is also true for the evaporation rate. The 265 

liquid drops generated over the mountain upslope fall on the ground or are advected toward the 266 

leeward side of the mountain. The precipitation rates on the mountain downslope are 89%, 195%, 267 

and 445% of those on the mountain upslope in CLN, CNT, and PLT, respectively. Note that more 268 

precipitation occurs on the mountain upslope than on the mountain downslope in CLN, while the 269 

opposite holds for CNT and PLT. 270 

To analyze the size distribution of the liquid drops that pass over the mountain peak, we calculate 271 

the advection rate of liquid drops over the mountain peak (Fig. 5) as follows: 272 

 273 
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 275 

where r is the drop radius, t1 = 6 h, t2 = 12 h, T = t1 – t2, H (= 3 km) is the vertical depth of the 276 
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integration, ql is the liquid water mixing ratio, and u is the horizontal wind velocity. Note that ρw is 277 

the density of liquid water. As discussed, most of the liquid drops are cloud droplets in PLT. 278 

Compared to CLN and CNT, the average size of cloud droplets in PLT is smaller. In CLN, raindrops 279 

take up more than half the mass of all advected liquid drops. The faster growth of cloud droplets in 280 

CLN means that the average size of raindrops in CLN is larger than that in CNT or PLT. The size 281 

distributions of liquid drops exhibit double-peak patterns; one peak in the size range of cloud 282 

droplets and the other peak in the size range of raindrops (Fig. 5). In CLN, a relatively large mass of 283 

drops falls into the size spectrum between the two peaks of the size distribution, an indication that 284 

the growth from cloud droplets to raindrops is active in convective clouds near the mountain peak. 285 

Figure 6 shows the 6-h averaged mass-size distributions of liquid drops in CLN and PLT along 286 

with the difference in the 6-h averaged mass-size distribution of liquid drops between PLT and CLN 287 

as a function of horizontal location and as a function of height above the terrain surface. Here and 288 

hereafter, the mass-size distributions are normalized by dlnr. Because the initial CCN number 289 

concentration in PLT is 25 times higher than that in CLN, the concentration of very small droplets 290 

over the entire domain is clearly higher in PLT than in CLN. Figures 6a, c, and e show that the size 291 

of the cloud droplets distributed over both the mountain upslope and downslope is smaller in PLT 292 

than in CLN. Where the cloud droplets are larger in CLN than in PLT is concentrated mainly in the 293 

horizontally narrow region over the mountain upslope (Figs. 6a and e). Compared to CLN, the 294 

mass-size distributions of liquid drops of convective clouds are vertically more elongated in PLT, 295 

which is caused by the strong latent heat release from the active condensation associated with 296 
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increased total surface area of liquid drops due to the large number of CCN in PLT (Figs. 2a and 2c 297 

and Figs. 6b and 6d). Most cloud droplets are in the convection region or near the surface, and their 298 

size is much smaller in PLT than in CLN. In PLT, small raindrops get even smaller through 299 

evaporation as they fall. As a result, many raindrops in PLT are located at high altitudes. Near the 300 

surface, the mass of raindrops is greater in CLN than in PLT (Figs. 6b, d, and f). 301 

 302 

3.3. Sensitivity of Aerosol Effects on Orographic Precipitation to Upslope Steepness 303 

The half-width of the windward side of the mountain controls the upslope steepness and the 304 

advection timescale [Eq. (4)]. Figure 7 is the same as Fig. 3 except for the upslope steepness of the 305 

mountain. Here, we consider the cases with the narrow windward-width (CLNn, CNTn, and PLTn), 306 

where the steeper upslope rapidly lifts moist air. The rapid uplift results in an increase in the 307 

maximum surface precipitation amount in CLNn and CNTn (Table 2). In all three cases with the 308 

narrow windward-width, the small advection timescale (τa ~ 600 s) causes the condensation, 309 

evaporation, and precipitation rates over the mountain upslope to decrease (Table 3). Recall that in 310 

PLT, the relatively large number of CCN causes both the increase in the rate of condensation into 311 

cloud droplets and the delay of growth of cloud droplets into raindrops. In PLTn, compared to 312 

CLNn and CNTn, the shortened advection time severely reduces the chance for liquid drops to grow 313 

because they evaporate rapidly once the downdrafts associated with mountain waves take effect, 314 

even though the condensation rates over the mountain upslope and downslope are increased with 315 

increasing N0 (Table 3). In this way, the aerosol effects are more clearly seen in the cases with the 316 
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narrow windward-width (Table 2 and Fig. 9a). Note that the aerosol effects here refer to the 317 

decrease in the total surface precipitation amount and the downstream shift of the horizontal 318 

location of the maximum surface precipitation amount. 319 

Figure 8 is the same as Fig. 3, except now we consider the cases with the wide windward-width. 320 

In CLNw, CNTw, and PLTw, the relatively long horizontal length of the mountain upslope affords 321 

greater chances for cloud droplets to grow and for liquid drops to fall onto the mountain upslope 322 

over a longer advection timescale (τa ~ 2400 s). For this reason, a large portion of drops are 323 

precipitated out onto the surface before reaching the mountain peak via advection. The horizontal 324 

distributions of the accumulated surface precipitation amount is broader over the mountain upslope 325 

than over the mountain downslope (Fig. 9b). The total amount of the accumulated surface 326 

precipitation amount over the mountain upslope is larger than that over the mountain downslope. In 327 

all three wide windward-width cases, xmax is located on the mountain upslope (Table 2). The slower 328 

growth of cloud droplets in PLTw results in a smaller total surface precipitation amount, and the 329 

location of the maximum surface precipitation amount is farther downstream compared to CLNw 330 

and CNTw (Table 2). Compared to the cases with the narrow windward-width and the symmetric 331 

mountain, the decrease in the maximum surface precipitation amount with increasing N0 is smaller 332 

in the cases with the wide windward-width.  333 

The advection rates of liquid drops over the mountain peak as a function of drop radius in the 334 

cases with the narrow windward-width are presented in Fig. 10a. Having a narrower 335 

windward-width than the symmetric mountain causes a stronger uplift by the steeper upslope, which 336 
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results in a larger number of cloud droplets being generated and advected over the mountain peak, 337 

although the smaller advection timescale limits their growth into large raindrops. The raindrop 338 

advection rate peaks at a smaller drop size in CNTn than in CLNn and PLTn. The size distribution 339 

favouring large raindrops in CLNn is due to the low aerosol number concentration. On the other 340 

hand, PLTn has the size distribution with larger raindrops than CNTn, because the slow growth of 341 

raindrops reduces the consumption of large raindrops via sedimentation. A detailed analysis 342 

regarding the liquid drop growth in the limited advection timescale will be given later. 343 

In the cases with the wide windward-width (Fig. 10b), the lengthy upslope provides a sufficient 344 

amount of time for cloud droplets to grow, so that a large portion of raindrops are already 345 

precipitated out onto the wide mountain upslope. As a result, the amount of drops that are advected 346 

over the mountain peak is small in all wide windward-width cases. In these cases, the raindrop 347 

advection rate peaks at a larger drop size in CNTw than in CLNw and PLTw. In CLNw, the faster 348 

growth of liquid drops results in more precipitation on the mountain upslope and the decrease in the 349 

advected large-sized raindrops over the mountain peak. Compared to CNTw, the raindrop amount in 350 

PLTw peaks at a smaller size because of the higher aerosol number concentration, and the smaller 351 

rate of surface precipitation on the mountain upslope results in a higher raindrop advection rate over 352 

the mountain peak. The double-peak size distribution pattern of the advected liquid drops clearly 353 

appears in PLTw, like in CLN and CNT with the symmetric mountain (Fig. 5), but such a pattern is 354 

not so clearly seen in CLNn, CNTn, PLTn, CLNw, and CNTw (Fig. 10). Note that unlike in Fig. 5, 355 

the ranking among the raindrop advection rates corresponding to the three different aerosol number 356 
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concentrations in Fig. 10 does not stay consistent. 357 

Some amount of time is needed if the condensates generated near x ~ xLCL are to grow into 358 

raindrops. Likewise, some amount of time is needed for the raindrops to grow into large raindrops 359 

with a terminal velocity high enough for the falling drops to reach the surface in the limited 360 

advection timescale. These two amounts of time needed are related to the autoconversion timescale 361 

and the sedimentation timescale, respectively. In many autoconversion parameterizations used in 362 

bulk schemes, the autoconversion timescale is regarded as one of the model-inherent characteristics 363 

rather than being a situation-dependent scale (Kessler 1969; Long 1974; Manton and Cotton 1977). 364 

Berry and Reinhardt (1974a, b) suggested a characteristic autoconversion timescale based on the 365 

results obtained using a bin stochastic collection model. The characteristic time scale in their study 366 

is determined by the time at which the characteristic radius of liquid drops first reaches r* = 50 μm. 367 

Many studies have since applied and improved the Berry and Reinhardt’s method (see Gilmore and 368 

Straka 2008). 369 

In this study, we calculate the horizontal distribution of the mean size of liquid drops and 370 

compare among the cases the locations at which the mean size of liquid drops first reaches r* = 40 371 

μm. This is to estimate how fast the condensates grow during the advection. Likewise, in order to 372 

estimate how fast raindrops grow into large raindrops with a sufficiently high terminal velocity, rT, 373 

the mean size distribution of raindrops is also calculated. It is rather difficult to explicitly define the 374 

location at which the mean size of raindrops first reaches rT because raindrops are distributed over a 375 

broad range in both the horizontal and vertical directions with various size distributions as shown in 376 
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Fig. 6. To circumvent this issue, we arbitrarily set rT = 200 μm. Raindrops of this size are large 377 

enough to have a sufficiently high terminal velocity of ~1.6 m s–1, yet at the same time are small 378 

enough for growing raindrops in all cases to catch up to that size. The horizontal distributions of the 379 

mean radii of liquid drops ( )lr x  and raindrops ( )rr x  are obtained as follows: 380 

 381 

   4 4

3 30 0

1 1
( ) , , , , , , ,

m m

t t

l l lh t h t
r x rq r x z t dtdzdr q r x z t dtdzdr

T T

   


        (6a) 382 

   4 4

3 3* *

1 1
( ) , , , , , , ,

m m

t t

r l lr h t r h t
r x rq r x z t dtdzdr q r x z t dtdzdr

T T

   


        (6b) 383 

 384 

where t3 and t4 are the initial and final times considered for time averaging, respectively, and T´ = t4 385 

– t3. 386 

Figures 11 and 12 show the horizontal distributions of ( )lr x  and ( ),rr x  respectively (dashed 387 

lines). Here, the time integration is taken from t = 0 to 1 h (t3 = 0 h and t4 = 1 h), not from t = 6 to 388 

12 h. This is because after t = 6 h, the horizontal and vertical structures of the atmosphere are 389 

already considerably disturbed through dynamical and microphysical processes during the 390 

precipitation event, and the orographic clouds are already extended upstream, making an intuitive 391 

comparison with the advection timescale difficult. The mean size distribution is flattened using the 392 

locally weighted regression fitting method with 0.1 as the smoothing parameter (Cleveland and 393 

Devlin 1988); this enables us to better recognize the general features from the complex cellular 394 

convective clouds. 395 

In the cases with the symmetric mountain, the location x* at which ( )lr x  first reaches r* is 396 



 20

–9.00, –7.25, and 3.00 km and the location xT at which ( )rr x  first reaches rT is –6.75, –1.25, and 397 

11.75 km in CLN, CNT, and PLT, respectively. If we define the autoconversion timescale by τ* = 398 

(x* – xLCL)/U and the sedimentation timescale by τT = (xT – x*)/U (see Fig. 13), it follows that τ* = 399 

300, 475, and 1500 s and τT = 225, 600, and 875 s in CLN, CNT, and PLT, respectively. Table 4 400 

shows the collection of x*, τ*, xT, and τT in the nine cases. In CLN and CNT, condensates 401 

sufficiently grow into raindrops and the raindrops sufficiently grow into raindrops with r = rT within 402 

the advection timescale τa (τ* + τT < τa = 1200 s), and xmax is located near the mountain peak. The 403 

slow growth of condensates in PLT (τ* > τa) results in xmax being far on the leeside of the mountain 404 

(Fig. 4 and Table 2) and a small advection rate of raindrops over the mountain peak (Fig. 5). 405 

In the cases with the narrow windward-width, x* = 1.50, 4.25, and 6.00 km, xT = 6.75, 6.75, and 406 

6.25 km, τ* = 750, 1025, and 1200 s, and τT = 525, 250, and 25 s in CLNn, CNTn, and PLTn, 407 

respectively. In these cases, the growth of condensates is very slow and ( )lr x  cannot reach r* 408 

within the advection timescale (τ* > τa = 600 s). For this reason, the advection rate of raindrops over 409 

the mountain peak is very small (Fig. 10a). Moreover, the growth of cloud droplets (small liquid 410 

drops) suffers from downdrafts associated with mountain waves over the mountain downslope, so 411 

that the growth of liquid drops is further delayed. The strong convection due to the active 412 

condensation in PLTn (Table 3) results in the fast growth of raindrops (large liquid drops) towards 413 

rT over the mountain downslope (Fig. 12a). However, a large portion of the liquid drops is still of 414 

small size (Fig. 10a). As a result, a large mass content of the small-sized drops evaporates over the 415 

mountain downslope (Table 3). Therefore, the total surface precipitation amount is much smaller in 416 
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PLTn than CLNn and CNTn, even though the differences in the mean size of liquid drops among 417 

the three cases with the narrow windward-width are less drastic compared to those among the cases 418 

with the symmetric mountain and the wide windward-width. The downstream shift of the peak in 419 

the mean size distribution of liquid drops with increasing N0 is seen in Figs. 11a and 11b. 420 

In the cases with the wide windward-width, x* = –21.75, –18.00, and –6.75 km, xT = –15.50, 421 

–14.25, and –4.25 km, τ* = 225, 600, and 1725 s, and τT = 625, 375, and 250 s in CLNw, CNTw, 422 

and PLTw, respectively. In these cases, liquid drops can sufficiently grow into large raindrops within 423 

the advection timescale (τ* + τT < τa = 2400 s) and xmax is located at the mountain upslope. As 424 

presented earlier, a great portion of liquid drops are precipitated out over the mountain upslope 425 

before reaching the mountain peak in CLNw and CNTw. For this reason, in CLNw and CNTw, the 426 

mean size of raindrops peaks before reaching the mountain peak and starts decreasing in the 427 

downstream direction with the advection rate of raindrops over the mountain peak being fairly small 428 

(Fig. 10b). On the other hand, in the cases with the narrow windward-width, the mean size of 429 

raindrops continues to increase near the mountain peak and reaches the peak size over the mountain 430 

downslope (Fig. 12). In PLTw, the decreasing trend begins near the mountain peak (Fig. 12c). For 431 

this reason, the accumulated surface precipitation amount decreases more slowly in PLTw compared 432 

to CLNw and CNTw (Fig. 9b). 433 

Figure 14 presents the differences in mass-size distribution between PLTn and CLNn and 434 

between PLTw and CLNw as a function of horizontal location and as a function of height above the 435 

terrain surface. In the cases with the narrow windward-width, the steeper upslope generates stronger 436 
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convection, so that the maximum surface precipitation amount in the clean and control cases is 437 

larger compared to the cases with the symmetric mountain and the wide windward-width (Table 2). 438 

There is an outstanding positive difference between PLTn and CLNn (Fig. 14b). Although the 439 

advection rate of raindrops over the mountain peak is lower due to the insufficient advection time in 440 

the cases with the narrow windward-width than in the cases with the symmetric mountain (Figs. 5 441 

and 10a), the cloud droplets further grow into raindrops even over the mountain downslope. 442 

Precipitation in PLTn is distributed farther downstream because the average size of liquid drops is 443 

relatively small in PLTn; thus, a longer advection time is needed for the cloud droplets in PLTn to 444 

grow into large raindrops that have sufficiently high terminal velocities to precipitate out. As a 445 

result, PLTn shows a clear downstream shift of the location of the maximum surface precipitation 446 

amount, even though the raindrop size difference between PLTn and CLNn is smaller than that 447 

between PLT and CLN (Figs. 6e, 12a, 12b, and 14a). 448 

In the cases with the wide windward-width, the convective clouds exhibit vertically less 449 

elongated mass-size distributions compared to the cases with the narrow windward-width (Figs. 14b 450 

and 14d). Compared to the cases with the narrow windward-width and the symmetric mountain, the 451 

size distributions of cloud droplets and raindrops are clearly distinguishable between PLTw and 452 

CLNw (Fig. 14c) because in the wide windward-width cases, the generation, growth, and 453 

sedimentation of liquid drops occur over the longer horizontal distance upslope. Because most of 454 

liquid drops are precipitated out over the wide upslope, the aerosol effects are not so obvious. 455 

 456 
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4. Summary and Conclusions 457 

Through the numerical simulations using the WRF model that includes a bin microphysics 458 

scheme, this study examined how upslope geometry controls aerosol effects on orographic 459 

precipitation from shallow convective clouds. Forced uplift by a bell-shaped mountain generates 460 

orographic precipitation. By changing the aerosol number concentration and the windward-width of 461 

the mountain, nine cases were simulated. 462 

Because of the potentially unstable low-level structure, the orographic uplift generates shallow 463 

cellular convective orographic clouds. As the aerosol number concentration increases, the total and 464 

maximum surface precipitation amounts decrease and the maximum surface precipitation amount 465 

occurs further downstream. In the polluted case, a greater number of cloud droplets are generated 466 

and the average size of liquid drops is smaller. This small-size-favoring distribution of cloud 467 

droplets inhibits the growth of cloud droplets into raindrops and suppresses surface precipitation. 468 

Because fewer liquid drops are precipitated out over the mountain upslope, more liquid drops are 469 

transported to the lee of the mountain. As a result, the surface precipitation amount on the mountain 470 

downslope is larger than that on the mountain upslope in the polluted case. The advection rate of 471 

liquid drops over the mountain peak as a function of drop size exhibits a double-peak pattern with 472 

one peak in the size range of cloud droplets and the other peak in the size range of raindrops. The 473 

peak in the size range of raindrops consists of raindrops grown from cloud droplets while being 474 

advected toward the mountain peak. This feature is more prominent in the clean case. 475 

The advection timescale is one of the key parameters for determining the amount and distribution 476 
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of surface precipitation. The narrow mountain upslope rapidly induces strong convection thanks to 477 

its steep upslope; however, the growth of cloud droplets into raindrops is not finished over the 478 

mountain upslope because the advection timescale is too small. Instead, strong and concentrated 479 

downslope precipitation occurs in the cases with the narrow windward-width. In the cases with the 480 

wide windward-width, over the sufficiently long advection time, a large amount of precipitation 481 

occurs and most of liquid drops are precipitated out over the mountain upslope, resulting in a 482 

smaller amount of precipitation on the mountain downslope. The effects of changes in the aerosol 483 

number concentration are characterized by a decrease in the total surface precipitation amount and a 484 

downstream shift of the location of the maximum surface precipitation amount. Such effects are 485 

rather weak in the cases with the wide windward-width because the advection timescale is long 486 

enough for cloud droplets to grow into raindrops, consuming liquid drops through precipitation on 487 

the mountain upslope even in the polluted case. In most cases with the narrow windward-width and 488 

the wide windward-width, the double-peak pattern in the advection rate of liquid drops as a function 489 

of drop radius is not clearly seen. In the cases with the narrow windward-width, the advection 490 

timescale is too short for forming raindrops. In the wide windward-width case, most of raindrops 491 

are precipitated out over the mountain upslope. 492 

This study expands upon the previous studies about mountain upslope geometry effects on 493 

orographic precipitation from shallow warm convective clouds, especially focusing on aerosol 494 

effects on the activation rates and growth speed of liquid drops. To expand this study further to also 495 

cover the problem of orographic precipitation from deep convective clouds, aerosol effects on not 496 
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only warm microphysical processes but also on ice/mixed-phase microphysical processes need to be 497 

considered as they are known to significantly change the amount and distribution of surface 498 

precipitation. The complex dynamical and microphysical processes in mixed-phase orographic 499 

clouds, particularly in association with aerosol loading, have yet to be fully understood. We will 500 

investigate in Part II how mountain upslope geometry controls aerosol effects on orographic 501 

precipitation from deep convective clouds. 502 
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List of Figures 669 

 670 

Fig. 1. (a) Schematic diagram of the simulation configuration. The dashed (dotted) line is for the 671 

case of narrow (wide) windward-width of the mountain. (b) Skew T-log p diagram, (c) relative 672 

humidity profile, and (d) equivalent potential temperature (black solid) and dew-point equivalent 673 

potential temperature (blue dashed) profiles of the sounding data at Osan, South Korea at 00 UTC 674 

19 September 2012. The green dashed line in (b) indicates the moist adiabat above the LCL. 675 

 676 

Fig. 2 Fields of vertical velocity (shaded), cloud water mixing ratio (green contours), and rainwater 677 

mixing ratio (black contours) at t = 1 h in (a) CLN, (b) CNT, and (c) PLT. The contour interval is 678 

0.4 g kg–1, and the maximum values of contour lines for cloud water and rainwater mixing ratios 679 

in each panel are presented on the bottom boxes. 680 

 681 

Fig. 3 The same as Fig. 2, but at t = 6 h. 682 

 683 

Fig. 4 Horizontal distributions of surface precipitation amount accumulated from t = 6 to 12 h in the 684 

cases with a1 = 10 km. The dash-dotted line indicates the x-location of the mountain peak. 685 

 686 

Fig. 5 Six-hour averaged advection rates of liquid drops over the mountain peak integrated from z = 687 

h(x) to z = h(x) + 3 km as a function of drop radius in the cases with a1 = 10 km. The dash-dotted 688 
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line indicates the size-boundary between cloud droplets and raindrops (r* = 40 μm). 689 

 690 

Fig. 6 Six-hour averaged mass-size distributions of liquid drop (g kg–1) in (a, b) CLN and (c, d) PLT 691 

and (e, f) difference in the 6-h averaged mass-size distributions of liquid drops between PLT and 692 

CLN as a function of (a, c, e) horizontal location and as a function of (b, d, f) height above the 693 

terrain surface. The values at grid points are summed in (a, c) z-direction and (b, d) x-direction. 694 

The dashed line indicates the size-boundary between cloud droplets and raindrops (r* = 40 μm). 695 

 696 

Fig. 7 The same as Fig. 3 except for (a) CLNn, (b) CNTn, and (c) PLTn. 697 

 698 

Fig. 8 The same as Fig. 3 except for (a) CLNw, (b) CNTw, and (c) PLTw. 699 

 700 

Fig. 9 The same as Fig. 4 except for (a) a1 = 5 km and (b) a1 = 20 km. 701 

 702 

Fig. 10 The same as Fig. 5 except for (a) a1 = 5 km and (b) a1 = 20 km. 703 

 704 

Fig. 11. Horizontal distributions of the mean radius of liquid drops calculated using Eq. (6a) in the 705 

cases with a1 = (a) 5 km, (b) 10 km, and (c) 20 km (dashed lines). Solid lines indicate the 706 

smoothed horizontal distributions. The horizontal and vertical dash-dotted lines indicate the 707 

size-boundary between cloud droplets and raindrops (r* = 40 μm) and the x-location of the 708 
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mountain peak, respectively. 709 

 710 

Fig. 12. The same as Fig. 11 except for the raindrops and Eq. (6b). The horizontal dash-dotted line 711 

indicates r = 200 μm. 712 

 713 

Fig. 13 Schematics for calculating the autoconversion timescale τ* = (x* – xLCL)/U and the 714 

sedimentation timescale τT = (xT – x*)/U. The location at which ( )lr x  first reaches the 715 

size-boundary between cloud droplets and raindrops (r* = 40 μm) is x*. The location at which 716 

( ),rr x  first reaches rT = 200 μm is xT. The smallest drop radius r0 is 2 μm in the bin 717 

microphysics model used in this study. Here, the symmetric mountain is depicted for illustration 718 

purpose. 719 

 720 

Fig. 14 The same as Figs. 6e and 6f except for (a, b) PLTn and CLNn and (c, d) PLTw and CLNw. 721 

722 
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 723 

 724 

Fig. 1. (a) Schematic diagram of the simulation configuration. The dashed (dotted) line is for the 725 

case of narrow (wide) windward-width of the mountain. (b) Skew T-log p diagram, (c) relative 726 

humidity profile, and (d) equivalent potential temperature (black solid) and dew-point equivalent 727 

potential temperature (blue dashed) profiles of the sounding data at Osan, South Korea at 00 UTC 728 

19 September 2012. The green dashed line in (b) indicates the moist adiabat above the LCL. 729 

730 
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 731 

 732 

Fig. 2. Fields of vertical velocity (shaded), cloud water mixing ratio (green contours), and rainwater 733 

mixing ratio (black contours) at t = 1 h in (a) CLN, (b) CNT, and (c) PLT. The contour interval is 734 

0.4 g kg–1, and the maximum values of contour lines for cloud water and rainwater mixing ratios 735 

in each panel are presented on the bottom boxes. 736 

737 
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 738 

 739 

Fig. 3. The same as Fig. 2, but at t = 6 h. 740 

741 
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 742 

 743 

Fig. 4. Horizontal distributions of surface precipitation amount accumulated from t = 6 to 12 h in 744 

the cases with a1 = 10 km. The dash-dotted line indicates the x-location of the mountain peak. 745 

746 
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 747 

 748 

Fig. 5. Six-hour averaged advection rates of liquid drops over the mountain peak integrated from z 749 

= h(x) to z = h(x) + 3 km as a function of drop radius in the cases with a1 = 10 km. The 750 

dash-dotted line indicates the size-boundary between cloud droplets and raindrops (r* = 40 μm). 751 

752 
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 753 

 754 

Fig. 6. Six-hour averaged mass-size distributions of liquid drop (g kg–1) in (a, b) CLN and (c, d) 755 

PLT and (e, f) difference in the 6-h averaged mass-size distributions of liquid drops between PLT 756 

and CLN as a function of (a, c, e) horizontal location and as a function of (b, d, f) height above 757 

the terrain surface. The values at grid points are summed in (a, c) z-direction and (b, d) 758 

x-direction. The dashed line indicates the size-boundary between cloud droplets and raindrops (r* 759 

= 40 μm). 760 

761 
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 762 

 763 

Fig. 7. The same as Fig. 3 except for (a) CLNn, (b) CNTn, and (c) PLTn. 764 

765 
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 766 

 767 

Fig. 8. The same as Fig. 3 except for (a) CLNw, (b) CNTw, and (c) PLTw. 768 

769 
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 770 

 771 

Fig. 9. The same as Fig. 4 except for (a) a1 = 5 km and (b) a1 = 20 km. 772 

773 
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 774 

 775 

Fig. 10. The same as Fig. 5 except for (a) a1 = 5 km and (b) a1 = 20 km. 776 

777 
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 778 

 779 

Fig. 11. Horizontal distributions of the mean radius of liquid drops calculated using Eq. (6a) in the 780 

cases with a1 = (a) 5 km, (b) 10 km, and (c) 20 km (dashed lines). Solid lines indicate the 781 

smoothed horizontal distributions. The horizontal and vertical dash-dotted lines indicate the 782 

size-boundary between cloud droplets and raindrops (r* = 40 μm) and the x-location of the 783 

mountain peak, respectively. 784 

785 
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 786 

 787 

Fig. 12. The same as Fig. 11 except for the raindrops and Eq. (6b). The horizontal dash-dotted line 788 

indicates r = 200 μm. 789 

790 
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 791 

 792 

Fig. 13. Schematics for calculating the autoconversion timescale τ* = (x* – xLCL)/U and the 793 

sedimentation timescale τT = (xT – x*)/U. The location at which ( )lr x  first reaches the 794 

size-boundary between cloud droplets and raindrops (r* = 40 μm) is x*. The location at which 795 

( )rr x  first reaches rT = 200 μm is xT. The smallest drop radius r0 is 2 μm in the bin microphysics 796 

model used in this study. Here, the symmetric mountain is depicted for illustration purpose. 797 

798 
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 799 

 800 

Fig. 14. The same as Figs. 6e and 6f except for (a, b) PLTn and CLNn and (c, d) PLTw and CLNw. 801 

802 
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mountain upslope (Pup) integrated from x = –100 to x = 0 km and those on the mountain 816 

downslope (Pdown) integrated from x = 0 to x = 100 km. The ratio of each rate over the mountain 817 

downslope to the corresponding rate over the mountain upslope is also presented. 818 
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first reaches rT = 200 μm, the autoconversion timescale τ* = (x* – xLCL)/U , and the sedimentation 821 

timescale τT = (xT – x*)/U in the nine cases. 822 
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Table 1 Names and the corresponding aerosol number concentrations N0 and windward-width of the 824 

mountain a1 for the nine cases. 825 

 826 

 N0 (cm–3) a1 (km) 

CLN 100 10 

CNT 500 10 

PLT 2500 10 

   

CLNn 100 5 

CNTn 500 5 

PLTn 2500 5 

   

CLNw 100 20 

CNTw 500 20 

PLTw 2500 20 

827 
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Table 2 Total 6-h accumulated surface precipitation amount summed over the entire domain Ptot, the 828 

maximum 6-h accumulated surface precipitation amount Pmax, and the location at which Pmax 829 

occurs xmax in the nine cases. 830 

 831 

  Ptot (mm) Pmax (mm) xmax (km) 

a1 (km) 5 10 20 5 10 20 5 10 20 

clean 1091 1175 1269 30.0 21.9 12.9 6.5 0.5 –6.3 

control 621 779 1102 17.2 12.5 11.2 12.3 3.0 –1.3 

polluted 181 365 538 4.4 4.5 6.9 17.5 8.5 –0.8 

832 
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Table 3 Six-hour averaged condensation and evaporation rates over the mountain upslope (Cup and 833 

Eup, respectively) integrated from x = –100 to x = 0 km and from z = h(x) to z = h(x) + 3 km and 834 

those over the mountain downslope (Cdown and Edown, respectively) integrated from x = 0 to x = 835 

100 km and from z = h(x) to z = h(x) + 3 km. Six-hour averaged surface precipitation rates on the 836 

mountain upslope (Pup) integrated from x = –100 to x = 0 km and those on the mountain 837 

downslope (Pdown) integrated from x = 0 to x = 100 km. The ratio of each rate over the mountain 838 

downslope to the corresponding rate over the mountain upslope is also presented. 839 

 840 

 Cup (kg s–1) Eup (kg s–1) Pup (kg s–1) 

a1 (km) 5 10 20 5 10 20 5 10 20 

clean 2.14 2.47 2.70 0.39 0.77 1.04 0.43 2.88 4.99 

control 2.24 2.66 3.11 0.62 1.14 1.49 0.17 1.22 3.79 

polluted 2.44 3.10 3.45 0.83 1.76 2.20 0.08 0.31 1.87 

 Cdown (kg s–1) Edown (kg s–1) Pdown (kg s–1) 

clean 1.12 0.61 0.36 1.22 0.70 0.40 4.63 2.56 0.90 

control 1.57 0.64 0.40 1.70 0.71 0.51 2.71 2.38 1.31 

polluted 3.34 1.52 0.73 3.58 1.74 0.89 0.76 1.38 1.15 

 Cdown/Cup Edown/Eup Pdown/Pup 

clean 0.52 0.25 0.13 3.13 0.91 0.38 10.77 0.89 0.18 

control 0.70 0.24 0.13 2.74 0.62 0.34 15.94 1.95 0.35 

polluted 1.37 0.49 0.21 4.31 0.99 0.40 9.50 4.45 0.61 

 841 

842 



 55

Table 4 The location x* at which ( )lr x  first reaches r* = 40 μm, the location xT at which ( )rr x  843 

first reaches rT = 200 μm, the autoconversion timescale τ* = (x* – xLCL)/U , and the sedimentation 844 

timescale τT = (xT – x*)/U in the nine cases. 845 

 846 

 x* (km) τ* (s) xT (km) τT (s) 

a1 (km) 5 10 20 5 10 20 5 10 20 5 10 20 

clean 1.50 –9.00 –21.75 750 300 225 6.75 –6.75 –15.50 525 225 625 

control 4.25 –7.25 –18.00 1025 475 600 6.75 –1.25 –14.25 250 600 375 

polluted 6.00 3.00 –6.75 1200 1500 1725 6.25 11.75 –4.25 25 875 250 

 847 


